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[1] A coordinated observation of the atmospheric response to auroral energy input in the
polar lower thermosphere was conducted during the Dynamics and Energetics of the
Lower Thermosphere in Aurora (DELTA) campaign. N2 rotational temperature was
measured with a rocket-borne instrument launched from the Andøya Rocket Range,
neutral winds were measured from auroral emissions at 557.7 nm with a Fabry-Perot
Interferometer (FPI) at Skibotn and the KEOPS, and ionospheric parameters were
measured with the European Incoherent Scatter (EISCAT) UHF radar at Tromsø. Altitude
profiles of the passive energy deposition rate and the particle heating rate were estimated
using data taken with the EISCAT radar. The local temperature enhancement derived
from the difference between the observed N2 rotational temperature and the MSISE-90
model neutral temperature were 70–140 K at 110–140 km altitude. The temperature
increase rate derived from the estimated heating rates, however, cannot account for the
temperature enhancement below 120 km, even considering the contribution of the neutral
density to the estimated heating rate. The observed upward winds up to 40 m s1 seem to
respond nearly instantaneously to changes in the heating rates. Although the wind
speeds cannot be explained by the estimated heating rate and the thermal expansion
hypothesis, the present study suggests that the generation mechanism of the large vertical
winds must be responsible for the fast response of the vertical wind to the heating event.
Citation: Kurihara, J., et al. (2009), Temperature enhancements and vertical winds in the lower thermosphere associated with auroral
heating during the DELTA campaign, J. Geophys. Res., 114, A12306, doi:10.1029/2009JA014392.
1. Introduction
[2] Auroral energy deposition in the polar lower thermo-
sphere enhances the neutral temperature directly through
Joule and particle heating. An upwelling of heated air is
driven by a sudden rise in local temperature and thus
vertical winds are generated by intense heating occurring
during geomagnetically disturbed conditions [Smith, 1998].
Large vertical winds in the lower and upper thermosphere
associated with auroral disturbances have been observed by
ground-based Fabry-Perot Interferometers (FPIs) since the
1980s [Rees et al., 1984; Wardill and Jacka, 1986; Price
and Jacka, 1991; Price et al., 1995; Smith and Hernandez,
1995]. Price et al. [1995] measured vertical winds and
temperature with a FPI using auroral emissions from atomic
oxygen at the wavelengths of 557.7 and 630.0 nm
corresponding to the effective emission altitudes of the
lower and upper thermosphere, respectively. The observa-
tions showed that a large upwelling occurred simultaneously
in both altitudes during geomagnetically active conditions
and the vertical wind speeds reached 42 m s1 in the lower
thermosphere and 138 m s1 in the upper thermosphere.
With the large vertical winds, large temperature enhance-
ments of about 200 K in the lower thermosphere were also
observed. However, recent FPI observations show that a
correlation between the vertical winds in the lower and
upper atmosphere does not always exist [Ishii et al., 1999,
2001, 2004; Kosch et al., 2000] and that an apparently
inverse relationship between the estimated temperature
and auroral intensity is explained by the tendency of the
557.7 nm emission to come from lower heights during bright
aurora [Ishii et al., 2001; Holmes et al., 2005]. Although
FPIs are valuable tools for simultaneously measuring neu-
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tral wind and temperature, it is difficult for an FPI alone
to interpret the connection between vertical winds and
temperature enhancements and to identify the source of
large vertical winds [Wescott et al., 2006].
[3] In contrast to the FPI observations, only a few studies
have attempted vertical wind observations by incoherent
scatter (IS) radars in the polar lower thermosphere [Kofman
et al., 1996; Oyama et al., 2005, 2008]. The greatest
advantage of the IS radar observation in this research issue
is that auroral energy deposition can be estimated by the
measurements of ionospheric parameters. Oyama et al.
[2008] measured the vertical neutral wind speed in the
lower thermosphere using the European Incoherent Scatter
(EISCAT) UHF radar and showed that large upward winds
existed in excess of 30 m s1 in association with an auroral
heating event.
[4] Modeling studies suggest that large vertical winds
driven by local heating in the lower thermosphere have a
significant impact on the dynamical and compositional
states up to the upper thermosphere [Walterscheid et al.,
1985; Walterscheid and Lyons, 1992; Sun et al., 1995;
Shinagawa et al., 2003; Shinagawa and Oyama, 2006].
These regional-scale models, which have the horizontal
scale of 100–10,000 km, employ nonhydrostatic simula-
tions to reproduce large vertical winds. Russell et al. [2007]
indicated that large vertical winds can transport significant
amount of molecular nitrogen and oxygen upwards,
suggesting that many satellite-borne mass spectrometer
measurements may overestimate the concentrations of
atomic oxygen during disturbed conditions. Since the non-
hydrostatic effects are not included in general circulation
models (GCMs), previous GCMs have not been able to
reproduce the observed large vertical winds and may have
potentially underestimated the upward transport of molecular
species [Smith, 2000]. More recently, a global-scale non-
hydrostatic model was developed [Deng and Ridley, 2006a]
and the results indicated that the high-latitude Joule heating
drives large upward winds of the observed magnitude from
the lower altitude source region to higher altitudes [Deng and
Ridley, 2006b; Deng et al., 2008].
[5] The Dynamics and Energetics of the Lower Thermo-
sphere in Aurora (DELTA) campaign was carried out in
December 2004, in order to make a coordinated observation
of the thermospheric response against the auroral energy
input using a sounding rocket, FPIs, the EISCAT UHF
radar, and other ground-based instruments such as all-sky
cameras (ASCs) and magnetometers. Figure 1 shows a
schematic diagram of the coordinated observation. A
multi-instrument investigation of temperature enhancements
and vertical winds in the lower thermosphere was one of the
main objectives of the DELTA campaign. The preliminary
results and detailed description of each instrument have
already been published in ten papers as a special issue of
Earth, Planets and Space [see the introduction paper by Abe
et al., 2006]. The vertical profile of neutral temperature in
the lower thermosphere was obtained by the sounding
rocket experiment [Kurihara et al., 2006], time variations
of neutral temperature and winds at the auroral emission
altitudes were measured with two FPIs at Skibotn and at the
KEOPS (Kiruna Esrange Optical Platform Site) [Griffin et
al., 2006], and the altitude and temporal profiles of iono-
spheric parameters and neutral winds were observed by the
Figure 1. Schematic diagram of the coordinated observation. The solid lines indicate the trajectory of
the sounding rocket launched from the Andya Rocket Range and the line of sights of the EISCAT UHF
radar at Tromsø and the FPIs at Skibotn and the KEOPS site. The dotted lines present the projection of
the solid lines onto the plane at 110 km altitude.
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EISCAT UHF radar [Nozawa et al., 2006]. Although these
studies have made comparisons with the observational
results of other instruments, a comprehensive study focused
on temperature enhancements and vertical winds in the
context of auroral heating has not been reported for the
DELTA campaign. Since it is very difficult to obtain
an altitude profile of neutral temperature in the lower
thermosphere, these data sets provide more unique and
valuable information than ever before. In the present paper,
possible causes of temperature enhancements and vertical
winds observed with the rocket-borne instrument and the
Skibotn FPI in the lower thermosphere during the DELTA
campaign are discussed by estimating auroral heating rates
quantitatively using data taken with the EISCAT UHF radar.
2. Observations
2.1. In Situ Temperature Observation
[6] During the DELTA campaign, a Japanese sounding
rocket S-310-35 was launched from the Andøya Rocket
Range (69.3N, 16.0E geographic coordinates) in Norway,
at 00:33 UT, 13 December 2004, under geomagnetically
disturbed conditions when the three hourly geomagnetic Kp
index was 4+ for 00:00–03:00 UT. The Andøya Rocket
Range is located at 67.4N, 113.4E geomagnetic coordi-
nates and the Magnetic Local Time (MLT) is given by UT +
2.5 hours. A total of eight scientific instruments on the
rocket carried out successful measurements [Abe et al.,
2006]. Rotational temperature and number density of atmo-
spheric molecular nitrogen (N2) were observed with the N2
Temperature of Vibration (NTV) instrument installed on the
rocket [Kurihara et al., 2006]. The instrument used the
Electron Beam Fluorescence (EBF) technique and consisted
of an electron gun to excite and ionize the ambient N2 and a
spectrometer to detect the fluorescence of the N2
+ first
negative (1N) system. The N2 rotational temperature was
determined by fitting a synthetic spectrum to the measured
spectrum of the N2
+ 1N (0, 0) band at 391.4 nm and the
number density was calculated from the intensity of the
band [Kurihara and Oyama, 2005].
[7] The sounding rocket flew geographically northward
from Andøya and reached an apogee of 140.0 km at 184 s
from the launch. The N2 rotational temperature and number
density measurements by the NTV were conducted at 97–
140 km altitude during the ascent of the rocket flight and
140–95 km during the descent. The rotational temperature
of N2 is expected to be equal to the neutral temperature in
the lower thermosphere, because the equilibrium between
rotational and translational degrees of freedom for N2 is
immediately established by the high collision frequency of
the lower thermosphere. The relaxation time for attaining
the equilibrium is 103 s at 95 km altitude and 101 s at
140 km [Kurihara et al., 2006]. Such a short relaxation time
ensures that N2 rotational temperature can be used as a
proxy of neutral temperature even during an auroral heating
event in the polar lower thermosphere. However, below
110 km, the rotational temperature measured by the NTV
might not be equal to the ambient neutral temperature
because of the aerodynamic effects around the rocket at
supersonic speed. Since the measurement volume of the
NTV was located in the vicinity of the payload, N2
molecules passing through the shock front could enter the
measurement volume. If the travel time from the shock front
to the measurement volume was longer than the relaxation
time, the measured rotational temperature could be higher
than the ambient atmospheric temperature. Kurihara et al.
[2006] has demonstrated that the rotational temperature
measurement was free from the aerodynamic effects above
110 km, as expected theoretically. It should also be noted
that horizontal distance between the ascent and the descent
varied with altitude owing to the rocket trajectory. The
horizontal distances were 40, 33, and 22 km at 110, 120,
and 130 km altitudes, respectively.
[8] Figure 2a shows altitude profiles of the observed N2
rotational temperature during the ascent and descent of the
rocket flight. The observed rotational temperatures in the
ascent and descent agree well above 110 km. Below that
altitude, rotational temperature measurements were affected
by the aerodynamic effects and are not plotted here to avoid
confusion.
[9] The difference between the observed N2 rotational
temperature and the neutral temperature predicted by the
Mass Spectrometer Incoherent Scatter (MSISE-90) model
[Hedin, 1991] is 70–140 K as shown in Figure 2b. Since
the empirical MSIS model uses a planetary geomagnetic
index Ap as an input parameter, the MSIS model value
intrinsically represents the mean state of the upper atmo-
sphere for the global-scale geomagnetic activity. Figure 2a
also shows the MSIS model neutral temperature calculated
using the variation of three hourly geomagnetic index ap
during the previous 48 hours, instead of daily index Ap. The
neutral temperature profile derived using the ap variation is
slightly higher than that using the daily Ap but much lower
than the observed N2 rotational temperature.
[10] In addition, the ion temperature observed by the
EISCAT UHF radar about two hours before the rocket
launch is shown in Figure 2a and the difference between
the ion temperature and the MSIS model temperature is
plotted in Figure 2b. The ion temperature at each altitude is
averaged temporally for 22:30–23:00 UT and spatially for
four sampling positions. As shown in the next section, the
EISCAT UHF radar and magnetometer observations
indicate that ionospheric condition was geomagnetically
quiet during 22:20–23:20 UT. The ion temperature in the
lower ionosphere is expected to be close to the neutral
temperature during such quiet conditions. The observed ion
temperature is higher than the MSIS model neutral temper-
ature above 110 km but lower than the observed N2
rotational temperature.
[11] Therefore, it is considered that the temperature
difference between the observed N2 rotational temperature
and the MSIS model neutral temperature or the EISCAT
quiet time ion temperature is a temperature enhancement
caused by the local heating. The validity of the N2 rotational
temperature measurement has already been discussed by
Kurihara et al. [2006] and the assumption of local heating
is a subject of discussion in the present study.
2.2. EISCAT UHF Radar Observation
[12] The EISCAT UHF radar observations at Tromsø
(69.6N, 19.2E geographic coordinates; 67.1N, 116.4E
geomagnetic coordinates) in Norway were conducted on 5
and 8–13 December 2004 during the DELTA campaign
[Nozawa et al., 2006]. In most of the observations, the
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EISCAT UHF radar was operated in a Common Program 2
(CP2) mode in which the line of sight of the combined
transmitter and receiver antenna was pointed to four con-
secutive directions, including one field aligned position,
with a dwell time of 1 min in each position, making a full
cycle time of 6 min. In addition to the electron density,
electron temperature, and ion temperature, which are
derived from each position, the three-dimensional ion
velocity vectors are derived every 6 min by combining three
sets of line-of-sight velocities from 90 km to 500 km
altitude. From these ion velocity vectors, the electric field
vectors can be derived assuming that the F region plasma
drifts perpendicular to the geomagnetic field are solely due
to the electric field. The electric field E is then obtained by
E ¼  v Bð Þ; ð1Þ
where v is the ion velocity at 282 km and B is the
geomagnetic field derived from the International Geomag-
netic Reference Field (IGRF) model.
[13] The EISCAT UHF radar observation at Tromsø
suggests the presence of a strong auroral heating asso-
ciated with the geomagnetic disturbance around the time
of the rocket launch. Figure 3 summarizes the time varia-
tion of parameters observed by the EISCAT UHF radar
and a ground-based magnetometer at Tromsø. Figure 3a
shows the horizontal component of the geomagnetic field
(H component) observed by the magnetometer. The H compo-
nent immediately decreased by 200 nT in the interval of
00:00–00:10 UT, about half an hour prior to the rocket
launch at 00:33 UT and two hours after a sudden southward
turning of the interplanetary magnetic field (IMF)-Bz com-
ponent recorded by the ACE spacecraft at 22:07 UT [Abe et
al., 2006]. Data from ground-based magnetometers in the
IMAGE (International Monitor for Auroral Geomagnetic
Effects) network suggest that the horizontal ionospheric
current was flowing westward for the time interval from
00:00 to 03:30 UT over a meridionally wide region includ-
ing Sørøya (70.5N, 22.2E) and Pello (66.9N, 24.1E).
Figure 3b indicates the meridional and zonal components of
the electric field strength observed by the EISCAT UHF
radar. The southward electric field at 50 mV m1 lasted for
an hour before the rocket launch. Figures 3c and 3d show
the height variation of the electron density and ion temper-
ature in the E region, respectively. The electron density was
very low from 23:40 to 00:10 UT due to evacuation of the
ionospheric electrons in association with the downward
field-aligned current. After 00:10 UT the electron density
was enhanced by the precipitation up to 1011 m3 all over
the E region. The enhancement of the electron density
raised the ionospheric conductivity. The ion temperature
above 120 km increased several hundred K in response to
the large increase in the electric field. The enhancement of
the electric field coupled with the enhancement of the
ionospheric conductivity enhances Joule heating in the
lower thermosphere.
[14] Nozawa et al. [2006] derived neutral temperature
from the ion temperature observed with the EISCAT UHF
radar at the field-aligned direction from 00:35:15 to
00:36:00 UT, a time interval during the ascent of the rocket
flight. The derived neutral temperature showed reasonable
agreement with the observed rotational temperature but
better agreement with the MSIS neutral temperature. The
cause of these results is mainly attributable to variability of
the observed ion temperature. As shown in Figure 3d, the
Figure 2. Altitude profiles of (a) the N2 rotational temperature observed by the NTV instrument during
the ascent (red) and descent (blue) of the rocket flight, compared with the neutral temperature from the
MSISE-90 model (black) and the ion temperature observed by the EISCAT UHF radar two hours before
the rocket launch (green), and (b) temperature differences between the MSISE-90 model and the N2
rotational temperature during the ascent (red), the MSISE-90 model and the N2 rotational temperature
during the descent (blue), and the MSISE-90 model and the EISCAT ion temperature (green). The dotted
line indicates the MSIS-E-90 model neutral temperature using three hourly index ap variation, instead of
daily index Ap.
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observed ion temperature was highly variable and the ion
temperature at 00:35:15–00:36:00 UT was relatively low
compared with the other observation periods around the
rocket flight. For example, the ion temperature at 114 km
varied from 400 to 900 K during 10 minutes between 00:30
and 00:40 UT. Such large variation of the ion temperature
data in this period was also shown by Griffin et al. [2006].
As pointed out by Nozawa et al. [2006], the considerable
variation in the ion temperature would be caused by
variation in the electric field associated with moving auroral
structures. Note that the electric field in Figure 3b was not
as variable as the ion temperature because the electric field
was deduced from a six minute cycle of the ion velocity
measurements.
2.3. Ground-Based Optical Observations
[15] For the DELTA campaign, the FPIs at Skibotn
(69.3N, 20.4E) in Norway and at the KEOPS (67.8N,
21.0E) in Sweden sampled the 557.7 nm green line
emission and provided neutral temperatures and line-of-
sight wind velocities [Griffin et al., 2006]. Both the FPIs
scanned in the zenith and the four cardinal directions, the
KEOPS FPI also scanned in the northwestward direction.
The Skibotn FPI used an integration time of 10 s for each
direction resulting in a cycle time of about 7 min 20 s and
the KEOPS FPI took an integration time of 30 s resulting in
a cycle time of 8 min. Since FPIs are passive optical
instruments, the observed neutral temperature and wind
speed are intensity-weighted mean values along the line of
sight and thus approximately equal to the values at the peak
emission altitude.
[16] Griffin et al. [2006] found an apparent wind diver-
gence and upward vertical winds from the green line
observation by the FPI at Skibotn around the time of the
rocket launch. There was the apparent divergence in the
line-of-sight velocities in the cardinal directions around
00:00–01:00 UT, showing opposite velocities in the north-
ward and southward directions and also in the eastward and
westward directions. The ‘‘apparent divergence’’ may be
caused by the failure of the standard assumption that the
line-of-sight neutral wind velocity consists of only a hori-
zontal component, or caused by the presence of cloud
scatter. The all-sky camera shows clear skies during the
rocket launch, thus it is likely that there was a significant
vertical wind component distorting the FPI analysis.
[17] Figure 4a shows vertical wind speeds measured in
the zenith direction of the Skibotn FPI. At Skibotn cloudy
conditions were observed until 21:36 UT, which generally
render the wind observations from the FPIs based on
Doppler shifts unreliable. Some measurements in the clear
conditions after 21:36 UT were also slightly inaccurate
mainly due to the low intensity of the green line emission.
Except for the periods of unreliable measurements before
21:36 UT and less accurate measurements with large error
bars, significantly upward vertical winds up to 40 m s1
were observed around 22:00 UT and 00:00–01:00 UT. A
wind speed of 40 m s1 is unusually large for a vertical
wind in the lower thermosphere and such large vertical
winds have been observed only under highly disturbed
conditions even in the auroral region [see Smith, 1998,
and references therein]. On the other hand, significantly
downward vertical winds in excess of 20 m s1 were
Figure 3. The EISCAT UHF radar and the magnetometer observation at Tromsø, showing (a) the
horizontal component of the geomagnetic field, (b) the meridional (red line) and zonal (blue line)
components of the electric field strength, (c) the electron density, and (d) the ion temperature in the
E region.
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observed around 22:50–23:30 UT. The zero baselines of the
vertical wind speed are usually determined by assuming that
the long term average vertical wind is zero and a systematic
error in excess of 10 m s1 may occur in geomagnetically
disturbed conditions [Aruliah and Rees, 1995]. Although
this means that the zero vertical wind baseline used in the
Skibotn FPI observation could suffer the same problem, the
vertical wind observations in the 00:00–01:00 UT and
22:50–23:30 UT periods demonstrated the most positive
and negative wind speeds in that night, respectively [Griffin
et al., 2006]. Figure 4b shows vertical wind speeds mea-
sured with the KEOPS FPI. At the KEOPS site clear
conditions were observed throughout the night. Since the
intensities of the green line emission measured in the zenith
direction of the KEOPS FPI were lower than those of the
Skibotn FPI in the 22:30–03:00 UT period, the measure-
ment errors for the vertical wind speed were relatively large
for the KEOPS. The KEOPS vertical wind speeds showed
little variation and were around 10 m s1 downward during
the 00:00–01:00 UT period. This indicates that the large
upward winds seen by the Skibotn FPI are very localized.
The localized nature of upward vertical winds is important
because hydrostatic equilibrium cannot support large verti-
cal winds over hundreds of kilometers distance, which is
why the standard GCMs do not show large vertical winds.
[18] The ground-based ASCs have observed intense
auroral emissions for over 30 minutes around the rocket
flight. During the flight, vortical auroral structures elongated
in the east-west directions were propagating eastward with a
speed of 2–3 km s1 over the region between 68 and 70N
[see Kurihara et al., 2006, Figure 1]. Figure 5 shows the
green line emissions observed by the ASC at Kilpisja¨rvi
(69.0N, 20.9E), a site of the Magnetometers-Ionospheric
Radars-All-sky Cameras Large Experiment (MIRACLE)
network. Kurihara et al. [2006] determined the effective
altitude of auroral structures during the rocket flight by
combining two ASC images at 557.7 nm obtained from
two separate stations, Kilpisja¨rvi and Muonio (68.0N,
23.5E). The resultant peak altitude of green line emission
was about 120 km. They found that the neutral temperature of
about 500 K from the FPI 557.7 nm measurements was
consistent with the observed N2 rotational temperature at
120 km altitude rather than the MSIS model value at that
altitude. This agreement also supports the validity of the
rotational temperature measurement.
3. Auroral Heating Rate Estimation
[19] In order to investigate the relationship between
auroral energy inputs, temperature enhancements, and the
vertical winds, auroral heating rates are estimated using
data taken with the EISCAT observations. The Joule
heating induced by ionospheric current J and the particle
heating deposited by precipitating electrons have direct heat-
ing effects on the neutral atmosphere.
[20] The Joule heating rate qJ = J  E0 can be expressed as
[Brekke, 1997; Fujii et al., 1999]
J  E0 ¼ sP E0ð Þ2¼ sP Eþ U Bð Þ2; ð2Þ
where sP is the Pedersen conductivity, U is the neutral wind
velocity, and E0 is the electric field in the reference frame of
the neutral wind. If the electric field strength is sufficiently
large and the neutral wind speed is negligibly small, the
Joule heating rate can be approximated by the passive
energy deposition rate, qJ
E = sPE
2. The present study uses
the passive energy deposition rate as an indicator of the
Joule heating rate for simplicity. The inclusion of the neutral
wind dynamo is discussed later. The Pedersen conductivity









where Ne is the electron density, e is the electron charge, We
and Wi are the electron and ion gyrofrequencies, respec-
tively, and nen and nin are the electron-neutral and ion-
Figure 4. Time variations of the vertical winds from the green line observation with the FPIs at
(a) Skibotn and (b) the KEOPS, where positive wind speed is indicated upward.
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neutral collision frequencies, respectively. These parameters
needed for calculation of the Pedersen conductivity are
derived from the EISCAT observation and the MSISE-90
model. The Pedersen conductivity is integrated from 100 to








[21] The particle heating rate qp can be written as [Vickrey
et al., 1982]
qp ¼ aeff Ne2; ð4Þ
where  is the energy per ion-electron pair, which is
deposited in the atmosphere as heat, and aeff is the effective
recombination coefficient. It is assumed that the ionization
rate is equal to the recombination rate, aeffNe
2. The effective
recombination coefficient (m3 s1) is given as a function of
height h (km) above 85 km by




based on the various measurements [Vickrey et al., 1982].
The particle heating rate is calculated on the assumptions
Figure 5. The ASC image of 557.7 nm emission observed at Kilpisja¨rvi (solid yellow circle) at
00:35:00 UT on the projected altitude of 110 km. The sounding rocket (open red circle) launched from
Andya Rocket Range (solid red circle) was at an altitude of 120 km during the ascent of the flight. The
sampling positions of the EISCAT UHF radar at Tromsø (blue diamonds), the Skibotn FPI (yellow
triangles), and the KEOPS FPI (yellow boxes) are mapped to 110 km altitude, expressing their zenith
positions in solid symbols.
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that (1) steady state conditions hold during the data
integration period, (2) ion transport can be ignored (h <
160 km), (3) no source of ionization exists other than
particle precipitation, and (4)  = 35 eV are expended per
ion-electron pair. The height-integrated particle heating rate,
Qp =
R
qpdh, is integrated from 95 to 160 km.
[22] Figures 6a and 6b illustrate the time variations of qJ
E
and qp, respectively, per unit volume (mW m
3) between
100 and 150 km and Figure 6c shows the time variations of
QJ
E and Qp per unit area (mW m
2). Excluding the interval
of 21:50–22:10 UT, QJ
E and Qp were very small until 00:00
UT. QJ
E increased from 00:00 UT, 33 minutes before the
rocket launch, because of the enhancements both in the
electric field strength and the electron density. Although
the electric field magnitudes up to 50 mV m1 from 23:20
to 00:00 UT were similar to those from 00:00 to 00:40 UT
as shown in Figure 3b, QJ
E from 23:20 to 00:00 UT were
much smaller than those from 00:00 to 00:40 UT due to the
low electron density in the E region. QJ
E was relatively
steady until 00:40 UT and continued intermittently for hours
after that. The altitude profile of qJ
E, which depends on the
Pedersen conductivity, shows a peak around 120 km. Qp
also increased from 00:00 UT with the enhancement in the
electron density. While Qp was mostly lower than QJ
E until
00:30 UT, they were comparable during the rocket flight.
The peak altitude of qp was 115–120 km around the period
of the rocket launch and 105–110 km after 01:00 UT.
Iwagami et al. [2006] estimated the characteristic energy
of the precipitating auroral electrons during the rocket flight
to be 4 keV, by comparing the observed peak altitude of the
green line emission [Kurihara et al., 2006] with the
calculated green line volume emission rate for unit incident
flux [Banks et al., 1974]. The peak altitudes of qp during the
rocket flight are consistent with the calculated ionization
rate for the characteristic energy of 4 keV that peaks around
120 km [Banks et al., 1974].
[23] Since the first presentation by Brekke and Rino
[1978] regarding the altitude profiles of the Joule heating
rate with the observed E region neutral winds, the influence
of the neutral wind on the electromagnetic energy deposi-
tion in the polar lower thermosphere has been examined in a
number of studies using IS radar observations [Fujii et al.,
1998, 1999; Thayer, 1998a, 1998b, 2000; Fujiwara et al.,
2004]. The use of the passive energy deposition rate as an
indicator of the Joule heating rate is valid if the neutral wind
effect U  B is negligible compared with the electric field E
in Equation (2). Although the E region neutral wind data
derived by the EISCAT UHF radar is available in this
campaign, the data shows rapid and scattered temporal
variations during 21:00–02:00 UT and needs careful treat-
ment [Nozawa et al., 2006]. The temporal variations of the
neutral wind is possibly caused by temporal variations of
the electric field, which also affected the temporal variations
of the ion temperature as already mentioned in Section 2.2.
Meanwhile, the FPI wind measurements show horizontal
neutral winds less than 100 m s1 [Griffin et al., 2006]. This
horizontal wind data, which were derived assuming no
vertical component in the line-of-sight velocities, provide
upper limits for horizontal wind speeds at the effective
altitudes of the 557.7 nm emission. Assuming that jUj is
Figure 6. Time variations of the auroral heating rates observed by the EISCAT UHF radar, showing
(a) the passive energy deposition rate, (b) the particle heating rate, and (c) their height-integrated values.
(d) The same as Figure 4a, but the unreliable measurements due to the cloudy conditions before 21:36 UT
and the less accurate measurements with error bars larger than 20 m s1 are represented in gray and the
other in red.
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100 m s1 and B is perpendicular to U, the maximum
magnitude of the neutral wind induced electric field jU  Bj
is estimated to be 4.5 mV m1. Therefore the contribution
of the neutral wind to the Joule heating rate is less than
10% during the interval of 00:00–00:30 UT when the
strong electric field of 50 mV m1 level was observed.
[24] Another source of ambiguity in the auroral heating
rate estimation is the neutral density. The particle heating
rate estimation depends on the ion density and not on the
neutral density; but the Joule heating rate and the passive
energy deposition rate depends on the neutral number
density through nen and nin in the calculation of sP. The
influence of the neutral density on the Joule and passive
energy deposition rates are significant below about 120 km,
where nin is larger than Wi, and the Joule and passive energy
deposition rates are almost in inverse proportion to the
neutral number density below 110 km. Since nin is calcu-
lated using the neutral number density from the MSISE-90
model, the derived auroral heating rate below 120 km is
underestimated (overestimated) if the local neutral density is
lower (higher) than the MSISE-90 model value.
4. Discussion
4.1. Vertical Winds
[25] From Figure 6, it becomes clear that the positive
vertical wind speed is associated with the estimated auroral
heating rates. In addition, the time response of the upward
vertical wind to the auroral heating seems to be very fast
and at least comparable to the time interval between vertical
wind measurements, judging from the onset of the auroral
heating event around 22:00 and 00:00 UT and the variation
with timescale of less than about 15 minutes in the interval
of 00:00–02:00 UT. The upward vertical winds around
22:00 UT and during 00:00–02:00 UT seem to respond to
the increase of QJ
E rather than that of Qp owing to a
relatively larger contribution of QJ
E to the total heating rate.
[26] In order to more clearly show a relationship between
the vertical wind speed and the heating rate in Figure 6, the
data smoothed using a three point running average during
21:00–03:00 UT are shown in Figure 7. The vertical wind
data for the cloudy condition before 21:36 UT are not used
for smoothing, and the height-integrated heating rate is the
sum of QJ
E and Qp. There seems to be a positive relationship
between the vertical wind speed and the height-integrated
heating rate and an almost instantaneous response of the
vertical wind speed to the height-integrated heating rate in
this timescale. It should be mentioned, however, that a peak
of vertical wind speed at 00:26 UT precedes a peak of the
height-integrated heating rate by 30 minutes. This deviation
is possibly attributable to horizontal difference of the
measurement regions covered with the EISCAT UHF radar
and the Skibotn FPI. While vertical wind speeds were
measured in the small field of view of the Skibotn FPI,
electron densities and ion velocity vectors used for calcu-
lating the heating rates were sampled in the four separated
directions from the EISCAT UHF radar as shown in
Figures 1 and 5. It is suggested from the electron densities
and ion temperatures in Figure 3 and the all-sky camera
images as in Figure 5 that the heating rates were not horizon-
tally uniform in the measurement region of the EISCAT UHF
radar during 00:00–01:00 UT, and that the estimated heating
rates in this period may not be proportional to the actual
heating rates in the measurement region of the Skibotn FPI.
The heating rates in the other periods are suggested to
be horizontally uniform in the measurement region of the
EISCAT UHF radar because the electron densities and ion
temperatures are similar in the four directions.
[27] It should be noted that the altitude at which the
vertical wind was measured may have varied during this
time period. The effective altitude of the auroral green line
emission at 00:34–00:37 UT was determined to be about
120 km from the ASC observations [Kurihara et al., 2006].
Then, the neutral temperature by the Skibotn FPI 557.7 nm
observation showed a sharp drop from 500 K to 400 K level
after 01:00 UT [Griffin et al., 2006], suggesting a decrease
of the green line emission height down to about 110 km.
This result also suggests an increase of the characteristic
energy of precipitating auroral electrons and lowering of
the peak altitude of qp, and in fact, the peak altitudes of qp
Figure 7. Time variations of the height-integrated heating rate (solid line) and vertical wind speed
(dashed line) smoothed using a three point running average.




E were 105–110 km and 120 km, respectively, in the
interval of 01:30–01:45 UT when upward vertical winds up
to 30 m s1 were observed.
[28] These results support the suggestion by Price and
Jacka [1991] that large upward winds of 30 m s1 at
altitudes higher than 110 km are produced by a combination
of Joule and particle heating, while large upward winds at
lower altitudes are the consequence of particle heating
below that height. Their suggestion is based on FPI 557.7
nm observations with a partial reflection radar observation
for enhanced ionization in the D region. However, they have
not obtained actual auroral heating rates. Oyama et al.
[2008] compared the height-resolved vertical winds with
the height-integrated auroral heating rates using a tristatic
experiment with the EISCAT UHF radar. They found large
upward winds in excess of 30 m s1 at 109, 114, 120 km
altitudes in association with a heating event and large
downward winds in excess of –30 m s1 before and after
the heating event. Although their result is similar to the
present result in several points such as magnitudes of the
vertical winds and auroral heating rates, they have not
discussed the altitude profile of the auroral heating rates.
[29] It should also be noted that the large downward
winds in excess of 20 m s1 were observed during
22:50–23:30 UT. Although large downward winds in the
lower and upper thermosphere have often been observed at
the equatorward side of an auroral arc [Crickmore et al.,
1991; Innis et al., 1997; Ishii et al., 2001], there is no
plausible explanation for the large downward winds [Ishii et
al., 2001]. There may be a simple explanation that upward
winds must be compensated by downward winds to keep
the atmosphere from disappearing. However, it is difficult to
find a counterpart to the observed downward winds because
of the horizontal motion. In the present observation the large
downward winds were found in a period of very low heating
rate as shown in Figure 6 and the altitude of the large
downward winds is unknown because the emission altitude
cannot be estimated in this period. The explanation for the
large downward winds is an important issue to be studied in
the future.
[30] Upward vertical winds generated by the thermal
expansion due to heating can be estimated using the first
law of thermodynamics
w ¼ q
r Cp dTdz þ g
  ; ð6Þ
where w is the vertical wind speed, q is the total heating
rate, r is the neutral mass density, Cp is the specific heat at
constant pressure, T is the neutral temperature, and g is the
acceleration due to gravity [Hays et al., 1973]. The values of
r and Cp are calculated from the MSISE-90 model density
and composition. The vertical temperature gradient dT/dz is
15 K km1 at 120 km from the observed temperature profile
and this value is not much different from the MSISE-90
model temperature gradient of 18 K km1 at 120 km. The
derived vertical wind speed is 2 m s1 at 120 km, when
the heating rate is 0.5 mWm3. This result demonstrates that
the estimated heating rate is at least one order of magnitude
smaller than that required to generate the observed vertical
wind speed by thermal expansion.
[31] Most of the previous studies have indicated that the
estimated heating rate is one order of magnitude smaller
than the required heating rate for the observed large upward
winds in the lower thermosphere [Wescott et al., 2006;
Oyama et al., 2008]. A highly complicated nonhydrostatic
model also faced the problem of lower speed of the
simulated vertical wind than the observed magnitude in
the lower thermosphere [Shinagawa et al., 2003]. On the
other hand, some recent models succeeded in reproducing
large upward winds of the observed magnitude in the upper
atmosphere [Russell et al., 2007; Deng et al., 2008].
[32] The present study quantified the temporal response
of the vertical winds to the auroral heating event and the
relative importance of Joule and particle heating to vertical
winds at each altitude using the data independently
observed with the FPI and the EISCAT UHF radar. The
response time of vertical winds to the auroral heating event
seems to be very fast and at least comparable to the
sampling interval of the vertical winds, 7 min 20 s. This
result suggests the generation mechanism of large vertical
winds could respond instantaneously to changes in the
auroral heating rate. Although the observed vertical wind
speeds cannot be explained by the observed heating rate and
the thermal expansion hypothesis, the thermal expansion
remains a potential mechanism that can respond rapidly to
changes in the auroral heating rate.
4.2. Temperature Enhancements
[33] The auroral heating event studied here gave a good
opportunity to estimate the temperature enhancement by
auroral heating, because the strong heating event started
suddenly after the long duration of low heating rates.
Figure 8a shows the altitude profile of the average auroral
heating rates from 00:03 to 00:33 UT. In this period, the
averaged qJ
E was 4–10 times larger than the averaged qp and
their total heating rate had a peak of 0.5 mW m3 at 120 km
altitude.
[34] The temperature increase rate can be estimated by
dividing the heating rate by the specific heat and the mass






The value of r is calculated from the MSISE-90 model
density. Figure 8c shows the derived temperature increase
rates and, for the purpose of reference, Figure 8b shows the
average auroral heating rates per unit weight, q/r. Although
the total heating rate per unit volume in Figure 8a peaks at
120 km and decreases above that height, the temperature
increase rate in Figure 8c monotonically increases with
altitude in the lower thermosphere. This is because the mass
density decreases more rapidly than the heating rate, as is
clearly seen from Figure 8b. These results seem inconsistent
with the uniform temperature difference of 70–140 K
between the observed N2 rotational temperature and the
MSIS model neutral temperature at 110–140 km altitude in
Figure 2b. There are also significant differences between the
observed N2 rotational temperature and the EISCAT quiet
time ion temperature, particularly in 112–128 km altitude
during the ascent. If the auroral heating event had started
from 00:03 UT and lasted for 30 minutes until the rocket
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launch, temperature enhancements expected from the
observed temperature increase rate are calculated to be
4 K, 47 K, 77 K, and 86 K at 110 km, 120 km, 130 km, and
140 km, respectively. The estimated temperature enhance-
ments are within the uncertainties of the observed
temperature enhancements above 130 km but are much
smaller below 120 km.
[35] As discussed in Section 4.1, the heating rates during
00:00–01:00 UT are suggested to be horizontally nonuni-
form within the measurement region of the EISCAT UHF
radar. Furthermore, horizontal distances between the rocket
trajectory above 100 km altitude and the EISCAT UHF radar
site ranged from 120 to 130 km. Although there can be a
difference between temperature enhancements estimated
from the data taken with the EISCAT UHF radar and those
taken with the rocket-borne instrument, a difference between
altitude variations of the temperature enhancements can be
caused by a reason other than the horizontal distance.
[36] In Section 3, the passive energy deposition rate was
introduced as an alternative to the Joule heating rate by
neglecting the neutral wind effect (U  B). Since this
assumption was validated with the neutral wind data from
the FPI observation, it was concluded that the passive
energy deposition rate is almost identical to the Joule
heating rate for the data set analyzed in this paper. Never-
theless, it is important to consider the height-dependent
neutral wind effect, u  B, where u is the neutral wind
speed at a specific altitude, because this term actually can
either strengthen the Joule heating rate if u  B and E are
parallel, or reduce the Joule heating rate if they are antipar-
allel [Brekke et al., 1991; Brekke, 1997]. The horizontal
wind speed estimated from the FPI observation is expected
to correspond to the wind at a height where the green line
emission has a peak, and the actual speed at a specific
altitude can vary significantly. Nozawa et al. [2006] ana-
lyzed neutral winds observed with the EISCAT UHF radar
during the campaign and derived semidiurnal tidal ampli-
tudes and phases from 98 to 110 km altitudes. They found
that the day-to-day variability of the semidiurnal tide was
prominent for the amplitude and its peak altitude. The
semidiurnal amplitude on the night of 12–13 December
appeared to maximize at and below 104 km with a value of
100–120 m s1, and wind speeds during 00:00–01:00 UT
on 13 December ranged from 0 to 200 m s1. If there was a
wind speed of 200 m s1 at any altitude under an electric
field of 50 mV m1, it could either strengthen the Joule
heating rate by up to 40% or reduce it by up to 33%,
depending on the wind direction. By this means, the
estimation of the Joule heating rate could be improved by
observing neutral winds in the whole altitude range.
[37] It is notable that neutral density is one of the most
important factors for the estimation of temperature increase
rate in the lower thermosphere, especially below 120 km.
As already mentioned in Section 3, the Joule and passive
energy deposition rate below 110 km is inversely propor-
tional to the neutral number density. Furthermore, the
temperature increase rate in Equation (7) is derived by
dividing the total heating rate by the neutral mass density.
Therefore, temperature increase rate below 110 km can be
proportional to the inverse square of the neutral density
when the Joule heating prevails over the particle heating,
and at least, the temperature increase rate is inversely
proportional to the neutral density at all altitudes for either
heating process. The same is true for the vertical wind speed
estimation because vertical wind speed in Equation (6) is
also derived by dividing the total heating rate by the neutral
number density.
[38] In this study, the temperature enhancement is defined
assuming the MSIS model neutral temperature as the
ground state. On the other hand, the temperature increase
rate is derived using theMSISmodel neutral density, which is
likely to be different from the ground state. Kurihara et al.
[2006] reported that the N2 number density observed simul-
taneously with the rotational temperature by the rocket-borne
instrument is much lower than the MSIS model and changes
with altitude from 30% of the MSIS model N2 number
Figure 8. Altitude profiles of (a) the average auroral heating rates per unit volume (mW m3), (b) the
average auroral heating rates per unit weight (W kg1), and (c) the average temperature increasing rates
(K s1) from 00:03 to 00:33 UT. The dashed lines represent the passive energy deposition rate, the dotted
lines represent the particle heating rate, and the solid lines represent their total heating rate.
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density at 95 km to 90% of that at 140 km. Their absolute
density measurement may include systematic error caused by
the aerodynamic effect, which cannot be easily corrected, but
their relative density measurement is highly reliable. Their
result suggests a relative decrease (increase) of neutral
density in lower (higher) altitude. If the neutral density is
25% of the MSIS model N2 number density at 110 km, the
observed temperature enhancement can be explained only by
a temperature increase rate due to the auroral heating effect.
This neutral density decrease is also able to explain the
observed large vertical wind. However, such a large decrease
of the neutral density is unrealistic in the lower thermosphere
even in highly disturbed conditions. Therefore, an additional
mechanism is required to explain the observed temperature
enhancements below 120 km.
5. Summary and Conclusions
[39] In this paper, temperature enhancements and upward
vertical winds in the polar lower thermosphere associated
with geomagnetic disturbance during the DELTA campaign
were investigated. The height-resolved passive energy
deposition rate and particle heating rate in the lower
thermosphere were derived from the data taken with the
EISCAT UHF radar and compared with the N2 rotational
temperature observed in situ by the rocket-borne instrument
and with the vertical wind speed observed from the auroral
green line emission by the ground-based FPI.
[40] The vertical winds seem to respond nearly instanta-
neously to changes in the heating rates and the wind speeds
were associated with the height-integrated passive energy
deposition rate and particle heating rate. A closer relationship
with the passive energy deposition rate was found when the
estimated height of vertical winds was about 120 km,
likewise with the particle heating rate when the estimated
height was about 110 km. The present study demonstrates
that the observed vertical wind speed cannot be explained
by the estimated heating rate and the thermal expansion
hypothesis. It is suggested that the generation mechanism
of large vertical winds must be responsible for the fast
response of the vertical winds to an auroral heating event.
[41] The temperature enhancements defined by the
difference between the observed N2 rotational temperature
and the MSISE-90 model value were uniformly 70–140 K
at 110–140 km altitude. Neutral density is potentially
important for understanding the dynamics and energetics
in the polar lower thermosphere because equations of the
vertical wind speed and temperature increase rate are
function of the neutral density. However, the observed
temperature enhancements below 120 km cannot be
explained only by the neutral density effect.
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